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ABSTRACT

While a robust theoretical framework for tropical cyclogenesis (TCG) within African easterly waves

(AEWs) has recently been developed, little work explores the development of low-level meso-b-scale vor-

tices (LLVs) and a meso-a-scale surface low in relation to deep convection and upper-tropospheric warming.

In this study, the development of an LLV into Hurricane Julia (2010) is shown through a high-resolution

model simulation with the finest grid size of 1 km. The results presented expand upon the connections be-

tween LLVs and the AEW presented in previous studies while demonstrating the importance of upper-

tropospheric warming for TCG.

It is found that the significant intensification phase of Hurricane Julia is triggered by the pronounced upper-

tropospheric warming associated with organized deep convection. The warming is able to intensify and expand

duringTCGowing to formation of a storm-scale outflowbeyond theRossby radius of deformation.Results confirm

previous ideas by demonstrating that the intersection of the AEW’s trough axis and critical latitude is a preferred

location for TCG, while supplementing such work by illustrating the importance of upper-tropospheric

warming and meso-a-scale surface pressure falls during TCG. It is shown that the meso-b-scale surface low

enhances boundary layer convergence and aids in the bottom-up vorticity development of the meso-b-scale

LLV. The upper-level warming is attributed to heating within convective bursts at earlier TCG stages while

compensating subsidence warming becomes more prevalent once a mesoscale convective system develops.

1. Introduction

Tropical cyclogenesis (TCG) continues to be one of the

least understood processes in tropical meteorology today.

The formation of tropical depressions (TDs), which under

favorable conditions grow into tropical storms (TSs), has

many different routes, ranging from large-scale attributes

such as African easterly waves (AEWs) to small-scale

features taking place in mesoscale convective systems

(MCSs). In particular, roughly 20% of tropical waves in

the NorthAtlantic and eastern Pacific basins become TSs

(Frank 1970). Our ability to distinguish the 20% of devel-

oping disturbances from the remaining nondeveloping

disturbances in terms of factors responsible for their

development is limited owing partly to the lack of high-

resolution observations at the birthplace and partly to

the deficiencies in current numerical weather prediction

models. Numerous theories exist to describe the multi-

scale interactions that take place during TCG, but,

unfortunately, it has not been until recently that such

theories could be validated with field campaigns and

high-resolution models.

Previous studies have referred to TCG as a two-stage

problem: 1) the preconditioning of ameso-a and synoptic

environment and 2) the construction and organization of

a meso-b-scale TC vortex (Karyampudi and Pierce 2002;

Wang et al. 2010a). While these two stages might seem

disjointed, they actually can occur simultaneously. The

first stage involves the general environmental charac-

teristics being favorable, such as weak vertical wind

shear (VWS), warm sea surface temperatures (SSTs),

sufficient column moisture content, and a low-level cy-

clonic rotation (Gray 1968). A vast number of synoptic-

scale phenomena can provide favorable conditions for

the development of TDs, ranging from equatorial waves

(Schreck et al. 2012) to westerly wind bursts (Hogsett

and Zhang 2010), ITCZ breakdowns (Kieu and Zhang

2009), monsoon depressions (Harr et al. 1996), and

AEWs (Vizy andCook 2009;Dunkerton et al. 2009). The
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North Atlantic basin is dominated by storms forming

from AEWs in the main development region (MDR),

even though a slim number of AEWs spawn named TSs.

A growing number of previous studies have attempted

to examine the second stage of TCG with higher quality

observations and modeling data. Recent studies in the

Atlantic and east Pacific sectors have found an intimate

relationship between TCG and AEWs (Vizy and Cook

2009; Dunkerton et al. 2009; Wang et al. 2010a;

Montgomery et al. 2010) and conclude that AEWs ap-

pear to be a common type of precursor disturbances for

North Atlantic TCs. However, such formation is still

somewhat a mystery given the lack of understanding of

multiscale interactions taking place during TCG. The

role of the AEW has recently been shifted to ‘‘parent,’’

incubating the growth of mesoscale convective vortices

(MCVs) (Dunkerton et al. 2009). The concept revolves

around the notion that the predepression perturbation is

protected dynamically from adverse environmental

conditions such as dry air or large VWS. This idea has

been further advanced by themarsupial pouch paradigm

(Dunkerton et al. 2009; Wang et al. 2010a; Montgomery

et al. 2010), which succinctly theorizes the preferred

TCG location within an AEW. For this location to be

identified using the paradigm, theAEWmust be put into

a comoving reference frame in which the intersection of

its trough axis with its critical latitude, defined as the

latitude where the zonal wind equals the phase speed of

the AEW, marks the AEW’s approximate pouch center

and the preferred location for development. Mesoscale

perturbations that can enter this area defined by the

pouch can undergo favorable development, thus pro-

viding a link between the AEW and the mesoscale

perturbations. The depth and vertical alignment of the

pouch is also important for development, as shown by

Wang et al. (2012). Since the horizontal structure and

center of the pouch depend on the phase speed of the

AEW, the variance of this phase speed with height has

significant implications on the growth of disturbance.

While the role of the AEW in TCG has been well de-

scribed via the marsupial pouch paradigm, the links

between the AEW and mesoscale perturbations have

been less described in the literature. It has been hy-

pothesized that the low-level critical latitude of an

AEW is a preferred location for mesoscale development

(Dunkerton et al. 2009). This postulation has been in-

vestigated in limited fashion, but recent work has shown

promising results on the multiscale interactions taking

place during TCG (e.g., Wang et al. 2010a,b; Montgomery

et al. 2012; Braun et al. 2013).

Other studies have focused on AEWs and their

complex structures in relation to TCG. They include

dynamical instabilities (Burpee 1972; Berry and

Thorncroft 2005), wave structures (Burpee 1972;

Thorncroft and Hodges 2001; Hopsch et al. 2010), and

convective development within AEWs—for example,

convectively generated potential vorticity (PV) anom-

alies (Berry and Thorncroft 2005). It has been found that

distinct differences between developing and non-

developing AEWs include tropospheric moisture con-

tent, low-level vorticity growth, and the strength (and

persistence) of deep convection within the AEW

(Hopsch et al. 2010). Additionally, Wang et al. (2012)

have shown that a coherent vertical structure is an im-

portant discriminating factor between developing and

nondeveloping AEWs. The characteristics of develop-

ing versus nondeveloping waves lend insight intowhether

or not the waves are able to protect and sustain de-

veloping low-level vortices (LLVs) into TDs. The LLV is

defined herein, following Zhang and Fritsch (1987), as

a significant concentration of cyclonic vorticity of at least

the order of magnitude of the local Coriolis parameter.

The meso-b-scale low-level cyclonic vorticity de-

velopment during TCG has been described by both

the top-down (Bister and Emanuel 1997; Ritchie and

Holland 1997) and bottom-up paradigms (Zhang and

Bao 1996; Hendricks et al. 2004; Montgomery et al.

2006), contrasting each other in how low-level cyclonic

vorticity arises. Within the top-down theory, the low-

level cyclonic circulation is an extension of a preexisting

midtropospheric cyclonic vortex, which may be recon-

stituted downward to create the surface circulation. The

bottom-up theory suggests that the low-level vorticity is

spun up via deep convection, which, through up-scale

aggregation, becomes an LLV. The bottom-up theory

has been invigorated with the concept of vortical hot

towers (VHTs), which were first identified by Riehl and

Malkus (1958) as ‘‘hot towers’’ and further conceptual-

ized by Simpson et al. (1998) as nonrotating protected

deep convective cores. Hendricks et al. (2004) and

Montgomery et al. (2006) revived VHTs with the addi-

tion of vortex-tube stretching in a rotating environment.

This augmentation to the bottom-up theory allows for

VHTs to be the ‘‘building blocks for TCG’’ in which

individual VHTs can conglomerate to create or enhance

the LLV. Recently, both modeling and observational

studies alike have been able to elaborate on VHTs and

their role in TCG (Hendricks et al. 2004; Montgomery

et al. 2006; Sippel et al. 2006; Houze et al. 2009).

The objectives of the present study are to (i) docu-

ment the environmental conditions for the genesis of

Hurricane Julia (2010) and (ii) examine the de-

velopment of meso-a-scale surface pressure falls and

a low-level vortex leading to Julia within an AEW. In

this study, we examine further the hypothesis of Zhang

and Zhu (2012) that upper-tropospheric processes play
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an important role during TCG while demonstrating the

interconnectedness of the AEW, deep convection, up-

per troposphere, surface pressure falls, and the LLV.

The objectives are achieved through a 66-h cloud-

resolving simulation of Hurricane Julia (2010) during

its pregenesis stage using the Weather Research and

Forecasting model (WRF) with the finest 1-km hori-

zontal resolution. The next section provides an overview

of the storm and its development within the AEW.

Section 3 describes the WRF configuration and its vali-

dation while section 4 documents the formation of the

LLV in relation with the AEW, upper troposphere, and

persistent deep convection.

2. Overview

The National Hurricane Center (NHC) declared Julia

a tropical depression at 0600 UTC 12 September 2010.

Six hours after gaining TD status, Julia quickly became

a TS. The genesis came as a surprise to NHC forecasters

even with long-range guidance depicting Julia’s forma-

tion several days prior (Beven and Landsea 2010).

Hurricane Julia was the strongest North Atlantic hur-

ricane east of 408W when it reached a minimum mean

sea level pressure (MSLP) (PMIN) of 948hPa at 1200UTC

15 September 2010. Even with this remarkable statis-

tic, Hurricane Julia was a small, compact storm that

was dwarfed by the much larger Hurricane Igor, which

formed just days prior. Both storms took place during

theGenesis andRapid Intensification Processes (GRIP)

(Braun et al. 2013) and the Pre-Depression Investigation

of Cloud-Systems in the Tropics (PREDICT) (Montgomery

et al. 2012) projects—two of the most recent observational

campaigns conducted to investigate TCG. Both of these

projects provided initial analysis data for the investigation

of Hurricane Julia from its predepression stage even

though the storm was never flown into by either project.

The AEW that Julia formed within could be traced back

to 0000UTC 8 September (96h prior to genesis) as a well-

defined circulation using 600-hPa relative vorticity

(Fig. 1). The westward progression of the wave is esti-

mated to have an average phase speed (Cp) of 8.0m s21,

which is used for the comoving frame of reference

for the rest of this paper. The selection of this phase

speed is calculated using the 600-hPa cyclonic vorticity

Hovm€oller analysis (Fig. 1) in conjunction with similar

analyses from the WRF data (not shown). The most

persistent closed circulation in the comoving frame was

found at 600 hPa. Thus, this level was used for the phase

speed calculation of the AEW. We define tropical cy-

clogenesis as the time when the NHC declares Julia a TD

in conjunction with satisfying the condition of a closed

MSLP isobar on a standard 4-hPa contouring interval of

sufficient size. The ‘‘sufficient size’’ constraint reassures

that we do not declare TCG prematurely as a transient

mesoscale feature with a closed isobar.

Hurricane Igor developed in close proximity to Julia,

becoming a TD at 0600 UTC 8 September (Fig. 1). An

examination of Rossby wave energy dispersion using

methods similar to Li and Fu (2006) and Li et al. (2006)

indicates little impact of Igor on the genesis of Julia (not

shown). Given the strength of the AEW, it is not sur-

prising that Hurricane Igor did not produce significant

impact on the genesis of Julia. Perhaps its only possible

impact on the TCG of Julia involved oceanic upwelling

causing cooler waters to the south-southeast of the Cape

Verde Islands.

At 0000 UTC 10 September, the AEW exhibited

a vertically tilted closed circulation in the comoving

frame as demonstrated by the circulation centers in

Fig. 2a. Namely, the circulation center at 600 hPa (‘‘X’’)

is seen being displaced well eastward from the upper-

tropospheric circulation center (‘‘X400’’) where the cy-

clonic relative vorticity is maximized (Fig. 2b). Its closed

circulation is identifiable down to 825 hPa (‘‘X825’’) with

an open circulation below. The horizontal distance be-

tween the upper-tropospheric circulation (X400) and the

lower-tropospheric disturbance (X825) is over 400 km, a

testament to the complexity of the wave. The maximum

cyclonic vorticity near 400 hPa is substantially higher

than what has been previously observed for AEWs,

which usually display a maximum between 600 and

FIG. 1. Hovm€oller diagram of ERA-Interim 600-hPa relative

vorticity (shaded, 1025 s21) and meridional wind (contoured at

interval of 4m s21) averaged between 88 and 138N during the pe-

riod 0000 UTC 8 Sep–1800 UTC 12 Sep 2010. The phase speed of

theAEW is estimated asCp528.0m s21. ‘‘Julia’’ and ‘‘Igor’’ mark

the cyclonic vorticity associated with Hurricanes Julia and Igor,

respectively.
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700 hPa for AEWs equatorward of 158N (Thorncroft

and Hodges 2001). The westward tilt with height of the

vorticity structure is accompanied by a similar thermo-

dynamic profile, as marked the ‘‘W’’ (‘‘C’’) representing

the warming (cooling) above (beneath) the tilted cyclonic

vorticity maximum (Fig. 2b). The 600-hPa cyclonic vor-

ticity is mainly due to horizontal shear on the southern

side of an African easterly jet (‘‘AEJ’’) (Figs. 2a,c).

Baroclinic and barotropic instability can be inferred from

the reversal in the meridional PV gradient maximized

near 400hPa and to a lesser extent in the lower tropo-

sphere (Charney and Stern 1962; Burpee 1972). The

combined baroclinic–barotropic instability on the syn-

optic scale appears to be favorable for the amplification

of any mesoscale disturbance within the AEW.

The AEW under study moved due west over the 54-h

period prior to TCG, traversing over the Guinea High-

lands before heading over the eastern North Atlantic

ocean (Fig. 3). Before its coastal passage, the AEW was

dominated by sporadic weak convection (Fig. 4a), which

quickly aggregated to become a large MCS as it com-

pletely moved over water at 1200 UTC 11 September

(Fig. 4b). Concurrently, the Dakar rawinsonde station

showed strong easterly winds in excess of 25m s21 from

925 to 700 hPa (not shown) as the wave and related

convection strengthened during passage. Julia quickly

formed within the AEW, becoming a TD only 18 h after

the wave traversed the West African coastline. By the

TCG time the MCS evolved further, exhibiting a cy-

clonic cloud pattern (Fig. 4c) and a much more TS-like

storm by 1800 UTC 12 September (Fig. 4d).

Such a short period from wave to TD has also been

noted byHopsch et al. (2010), who found that fast tropical

cyclogenesis from easterly waves has higher tropospheric

moisture content and larger low-level cyclonic vorticity

than those of nondeveloping waves during coastal pas-

sage. A 500km 3 500km area-averaged time series sur-

rounding the storm center, given in Fig. 5, shows that

Julia’s formation is consistent with the characteristics of

fast TCG from an AEW. The simulated pre-Julia distur-

bance is initially tracked using the 600- and 700-hPa cir-

culation in the comoving framework with large absolute

vorticity and later using the PMIN center when a mesolow

becomes traceable. Specifically, precipitable waters (PW,

Fig. 5a) steadily increased as the wave progressed off

shore, with the strongest rises occurring when the storm

was completely over water after 1200UTC 11 September.

Deep-layer vertical wind shear (850–200-hPa layer)

weakened during the period and remained under 6ms21

for the 36h leading up to TCG (VWS, Fig. 5a). Post-

genesis, VWS increased again to above 8ms21, possibly

limiting the intensification of Julia somewhat. Cyclonic

vorticity growth was predominately located at 600hPa for

the majority of the period prior to TCG, which is consis-

tent with vorticity development in a baroclinically and

barotropically unstable AEW (Hopsch et al. 2010). After

0000UTC 12 September, the vorticity difference between

925 and 600hPa changes sign, signifying the initiation of

low-level cyclonic vorticity growth associated with the

onset of genesis (Fig. 5b). Meanwhile, the AEW under

study encountered sufficiently warm SSTs for tropical

development, being at or above 278C.

FIG. 2. (a) ERA-Interim 600-hPa relative vorticity (shaded,

1025 s21), zonal wind (contoured at interval of 2m s21), and co-

moving streamlines valid at 0000 UTC 10 Sep 2010. The ‘‘X’’

represents the intersection point of the 600-hPa trough axis and

critical latitude; ‘‘X400’’ and ‘‘X825’’ represent the locations of the

AEW circulation centers at 400 and 825 hPa. The dotted lines

marked byW–E and S–N represent vertical cross sections shown in

(b) and (c). The approximate location of the African easterly jet is

marked by ‘‘AEJ.’’ (b) Vertical cross section of cyclonic relative

vorticity (shaded, 1025 s21) and temperature deviation (contoured

at interval of 0.258C). The temperature deviation is calculated as

the difference from the mean temperature at each respective level.

The peak warmth and coldness associated with the AEW are

marked with ‘‘W’’ and ‘‘C,’’ respectively. (c) Vertical cross section

ofmeridional potential vorticity gradient (shaded, 10212ms21Kkg21)

and zonal wind (contoured at interval of 4m s21). AEJ represents

the location of the African easterly jet.
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3. Model description and validation

In this study, version 3.2.1 of the fully compressible,

nonhydrostatic mesoscale WRF with the Advanced

ResearchWeather (ARW) core (Skamarock et al. 2005)

is used with three nests (9/3/1 km) as depicted by the

boxes given in Fig. 3 (D1, D2, andD3, respectively). The

nests have resolutions of 36 vertical levels1 with the

model top set at 50 hPa. The ARW 66-h simulation is

initialized at 0000 UTC 10 September, that is, 54 h prior

to the named TD Julia, and ends 1800 UTC 12 Sep-

tember, when the storm became a TS. The lateral

boundary and initial conditions are supplied by the In-

terim European Centre for Medium-Range Weather

Forecasts Re-Analysis (ERA-Interim) except for SSTs

that are initialized by the NOAA Optimal Interpola-

tion (OI) high-resolution SST dataset (Reynolds et al.

2007).2 It should be noted that the simulation includes

the NOAA OI SST data so as to gain higher spatial

resolution information associated with the passage of

Hurricane Igor as Julia passed over water previously

traversed by Igor. Without using high-resolution SST

data, the simulated Julia is too strong given the coarser-

resolution SST data not being able to resolve the cooler

SSTs to the south-southeast of the Cape Verde Islands

associated with Igor’s passage.

The 9- and 3-km-resolution domains incorporate

simultaneously the Kain–Fritsch convection parame-

terization scheme (Kain and Fritsch 1990; Kain 2004)

and a cloud microphysics scheme, while the former is

bypassed in the 1-km-resolution domain. Upon initial

experimentations, we came to the conclusion that there

were very little differences between two simulations

with the 3-km domain having respective convection

parameterized and explicitly represented. The simula-

tion utilizes the Thompson graupel two-moment mi-

crophysics scheme (Thompson et al. 2004, 2008), the

Rapid Radiative Transfer Model (RRTM) longwave

radiation scheme (Mlawer et al. 1997), the Dudhia

(1989) shortwave radiation scheme, and the Yonsei

University (YSU) planetary boundary layer (PBL)

scheme (Noh et al. 2003).

The 1-km moving domain has 570 preset moves

starting 9 h after the initialization time. Easterly moves

are conducted every 6min to follow the AEW and in-

volves no movement of the domain latitudinally. Preset

FIG. 3. WRF domain configurations: boxes D1, D2, and D3 show the domain with the hor-

izontal resolution of 9, 3, and 1 km, respectively, with the initial and final position of themoving

domain D3 also given. The WRF-simulated track (square marks) vs the best fixes track (circle

marks) from 0600 UTC 10 Sep (06Z10) to 1800 UTC 12 Sep 2010 are overlaid. The NOAAOI

SSTs (8C, shaded) and ERA-Interim 600-hPa comoving streamlines at 0000 UTC 10 Sep are

also overlaid.

1 The vertical levels are clustered in the lower and upper tro-

posphere to gain greater vertical resolution where the confluent

and diffluent motions are most present during genesis.
2NOAA OI SSTs remain fixed for the integration as the SSTs

remain nearly constant over the 66-h period.
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moves are used since the vortex-following tool associ-

ated with theARWhas trouble following theAEWwith

tracking levels at 600 hPa, even given the relatively

strong AEW.

Overall, the WRF simulation reproduces reasonably

well the observed track over the 66-h integration (Fig.

3). On average, the simulated track error is 173 km, but

its operational 36-h forecast did significantly better than

the NHC official (OFCL) forecast track error for the

same time (Beven and Landsea 2010), with a track error

of 94 km compared to the OFCL forecast error of

133 km. The intensification of predepression Julia was

unremarkable, reaching a PMIN of 1007 hPa at the TCG

time as seen in observed PMIN estimates (Fig. 6). The

simulated PMIN and maximum wind speed at z 5 10m

(VMAX) both agree well with the observed, although

they are not without discrepancies. One difference is

that the simulated surface vortex is 2 hPa weaker than

the observed during the first 12 hours of integration and

is 2 hPa stronger at TCG.

Two development stages can be identified from the

PMIN changes: (i) TCG and (ii) significant intensification

(SI) prior to and after 0600 UTC 12 September, re-

spectively. Specifically, the PMIN of the disturbance

during TCG barely changes, with an average deepening

rate of 1 hPa day21. In contrast, the SI phase begins with

FIG. 4.Meteosat-9 IR imagery for four stages of Hurricane Julia:

(a) sporadic convection within the AEW at 1200 UTC 10 Sep,

(b) well-definedMCSwithin the AEWat 1200UTC 11 Sep, (c) TD

at 0600 UTC 12 Sep, and (d) TS at 1800 UTC 12 Sep 2010.

FIG. 5. Time series of (a) deep-layer vertical wind shear (VWS)

between 200 and 850 hPa and precipitable water (PW) and (b) 925–

600-hPa relative vorticity difference (z925 2 z600) and SST during

the 66-h period from 0000 UTC 10 Sep to 1800 UTC 12 Sep 2010.

Each variable is calculated by averaging its field within a 500 km3
500 km area from the storm center using ERA-Interim data.
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the deepening rate increasing to 4 hPa day21 until the

storm becomes a TS, similar to the results of Nolan

(2007). The simulated MSLP prematurely enters SI at

0000 UTC 12 September, with a deepening of 2 hPa for

the 6 h prior to the storm becoming a named TD. Later

in the SI stage, the simulated PMIN shows brief weak-

ening before restrengthening at 1800UTC 12 September.

This reprieve is supported by the decrease in SSTs and

increase in VWS shown in Fig. 5, which can inhibit in-

tensification. While these developmental stages are

evident in PMIN, they cannot be seen from the 10-m

maximum wind speed as both observations and simu-

lation show a nearly consistent increase during the 66-h

integration.

Figure 7 shows the simulated cloud patterns of the

AEW (and Julia) that should be compared to the ob-

served Meteosat-9 IR imagery given in Fig. 4. The sim-

ulated brightness temperatures are calculated using the

Unified Post Processor (UPP), which invokes the

Community Radiative Transfer Model (CRTM) to

produce brightness temperatures at the top of the at-

mosphere. After 12 h into the integration, the model

reproduces the locations of deep convection along the

coastline, indicating reasonable forcing within the

AEW. However, the simulated cloud field associated

with the AEW appears to be weaker and more frag-

mented than the observed (cf. Figs. 4a and 7a), owing

partly to the lack of precipitation spinup and partly to

the simulated upper-level cloud ice content that may be

much less than that in nature. The differences between

the simulated and observed cloud patterns decrease af-

terward. By 1200 UTC 11 September (cf. Figs. 4b and

7b), the simulated brightness temperatures show well

FIG. 6. Time series of the WRF-simulated storm intensity

(square marks) and the NHC best estimates (circle marks) for the

minimum MSLP (PMIN, closed marks) and z 5 10-m maximum

wind speed (VMAX, openmarks) from 0600UTC10 Sep to 1800UTC

12 Sep 2010.

FIG. 7. As in Fig. 4, but for the WRF-simulated brightness

temperature (K).
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the convective development along the coastline, al-

though it does not look like the round-shaped MCS as

seen in Meteosat-9 IR imagery. The WRF nearly re-

produces the observed brightness temperatures of TD

Julia at 0600 UTC 12 September. Even with the slow

convective development during the early stages, the

WRF simulates a TS-like cloud pattern at 1800 UTC 12

September that compares favorably with the observed

(Fig. 7d).

Since we are concerned with mesoscale development

in addition to the AEW, Fig. 8 compares the simulated

hourly precipitation rates (mmh21) to the Tropical

Rainfall Measuring Mission (TRMM) data at 0300 and

0600 UTC 12 September. The TRMM data consists of

precipitation rate estimates generated every 3 h on

a 0.258 3 0.258 grid between 508S and 508N. We show

comparisons at the two aforementioned times to vali-

date that the convective coverage is reasonable during

the early stages of simulated SI, our period of focus in

the following sections. The overall spatial characteristics

of the TRMM-estimated precipitation rates compare

favorably with the simulated, although some minor

discrepancies on the location of heavy precipitation

rates are evident. At 0300 UTC 12 September, the

TRMM estimate depicts a more coherent, MCS-like

structure while the simulated shows two distinct pre-

cipitation areas with little convective development in

between (Fig. 8a). Even with this disagreement, the in-

tensity of the simulated rates fares well with the TRMM,

highlighting small regions of intense precipitation in

excess of 30mmh21. By 0600 UTC 12 September, the

simulated rates pick up on theMCS-like structure shown

in TRMM estimates with little spatial disagreement.

However, the simulation seems to be overestimating the

precipitation rates on the southern end of the feature

with a broad swath of 30mmh21 or greater rates (Fig.

8b). This is contrasted by a reasonable estimate of the

heavy precipitation rates on the northern portion of

the feature shown in TRMM estimates. In general, the

characteristics of the TRMM precipitation rates are

reasonably reproduced by the simulation for the 3-h

period between 0300 and 0600 UTC 12 September when

discounting minor spatial displacements and the differ-

ences in resolution between the two datasets.

4. Low-level development and upper-level
processes

After verifying the simulated storm against the ob-

served, we can use the high-resolution simulation data to

examine the development of some nonobservable fea-

tures, especially the mesob-scale LLV that becomes TD

Julia. In this section, we show that the LLV develops

within the parent AEW, but they are not directly col-

located until into the simulated storm’s SI stage. In

particular, we show that the LLV formation results from

persistent deep convection and its generated vortices,

upper-tropospheric warming, and vorticity growth in the

lower troposphere. The AEW serves as the parent in

a deep layer, similar to that described by the marsupial

pouch paradigm (Dunkerton et al. 2009; Wang et al.

2010a; Montgomery et al. 2010), protecting the upper-

level warming and the LLV from adverse environmental

conditions while providing a preferred location for me-

soscale development.

FIG. 8. Comparison of the WRF-simulated hourly precipitation

rate (shaded, mmh21) and TRMM-adjusted merged-infrared

precipitation rate (contoured at 2.5, 5, 10, 15, 20, 25, 30, and

35mmh21) for (a) 0300 and (b) 0600 UTC 12 Sep 2010. The 3-km

horizontal-resolution WRF data is used while the TRMM data has

a horizontal resolution of 0.258 3 0.258.
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a. Connecting the AEW to MSLP falls, upper-level
warming, and the LLV

Figure 9 presents the evolution of meso-a-scale MSLP

falls, a meso-b surface low (marked by ‘‘L’’), the LLV,

and AEW. A closed MSLP isobar (‘‘L’’) first appears

within the AEW at 0000 UTC 12 September (Fig. 9a).

This closed isobar, however, is considered to be a meso-b

low rather than TD Julia since its size is comparable to

other meso-b features. Even though the simulated storm

is not a TD-scale disturbance until 0600 UTC 12 Sep-

tember (Fig. 9c), the remainder of the paper will refer to

the simulated SI starting at 0000 UTC 12 September

since an intensifying surface low is identifiable. Ini-

tially, the mesolow and the AEW center (marked by

‘‘X’’) are separated by a distance of approximately 150km

(Fig. 9a). This distance remains nearly constant until

0600UTC 12 September as the surface low deepens. After

this time during SI, the distance between the two centers

shrinks to about 100km (Fig. 9c), and the centers become

nearly collocated at 0900 UTC 12 September (Fig. 9d).

This change in distance over the 9-h period can be

more clearly seen from the vertical vorticity structures

of the two disturbances in Figs. 9e–h. Initially, the

dominant vorticity feature is that of the AEW (its peak

denoted by ‘‘A’’) and is maximized between 700 and

400 hPa at 0000 UTC 12 September (Fig. 9e). A deep

upright column of cyclonic vorticity associated with the

mesob surface low emerges at the edge of the tilted

vorticity column associated with the AEWby 0300 UTC

12 September, with its peakmagnitude exceeding that of

the AEW (Fig. 9f). At this time, the mesolow has cy-

clonic relative vorticity well in excess of 3 3 1025 s21

and, as such, can be considered a low-level vortex by

definition. By comparison, the AEW vorticity exhibits

little change during the past 54 h (cf. Figs. 2b and 9e–h).

While the LLV is intensifying with time, it begins to

merge with the vertically tilted AEW vortex from the

top. Although the mesolow signifies the beginning of the

SI stage at 0000 UTC 12 September (Fig. 6), the LLV

merges into the AEW vortex center near 0900 UTC 12

September (Figs. 9d and 9h).

Even with the near constant intensity of the AEW

over the 54-h period, its MSLP field and intensity show

significant changes due to the development of deep

convection (to be shown later), with the majority of

changes taking place between 0000 and 0900 UTC 12

September. In addition to the local MSLP falls associ-

ated with the meso-b surface low (‘‘L’’), one can see

spatial expansion of the MSLP falls with time from the

meso-b to meso-a scale. This is easily exemplified by the

1008-hPa isobar in Figs. 9a–d, which continually expands

until 0600UTC 12 September before contracting slightly

at 0900UTC 12 September. The evolution of themesoa-

scale MSLP falls during the simulated SI is of interest to

this study.

Figures 9e–h show that the intensification of the

meso-b surface low and mesoa MSLP falls are accom-

panied by thermodynamic changes in the upper tropo-

sphere. Initially, the only evident thermodynamic profile

is that of the AEW, with a tilted warm layer above the

midlevel vortex marked by ‘‘W’’ in Fig. 9e. This tilted

profile quickly diminishes as warmth in excess of 28C
takes place directly above the developing LLV (‘‘W’’,

Fig. 9f). The warming above the LLV extends back over

the top the AEW’s cyclonic vorticity, merging with the

warm layer above the midlevel vortex. The warmth

above the LLV continues to intensify until 0900 UTC 12

September when the thermodynamic profile associated

with the AEW is no longer identifiable and upper-

tropospheric warmth exceeds 2.58C (Fig. 9h).

While the AEW pouch center has been shown to be

the sweet spot for the growth of mesovortices according

to Dunkerton et al. (2009), our results show that the

intensification of the meso-b-scale surface low and LLV

initially occurs 100–150 km away from the pouch center.

The collocation of the two does not occur until well into

significant intensification, though the amplification of

the mesoscale features does occur in close proximity to

the pouch center. This suggests that unlike the vortex

merging of Kieu and Zhang (2009), the SI of TCs within

AEWs may occur before a vertically coherent vortex

forms. It is worth mentioning that the pouch center can

also include some arbitrary area surrounding the inter-

section point of the AEW trough axis and critical latitude.

Thus, the point location of the intersection is not the only

favorable location for TCG. Even so, the merging of the

LLV and AEW is realized by the bottom-up growth of

cyclonic vorticity associated with the LLV (Zhang and

Bao 1996; Hendricks et al. 2004; Montgomery et al. 2006)

and the midlevel cyclonic vorticity of the AEW.

b. Meso-a and meso-b MSLP falls and their
relationship to upper-level warming and deep
convection

While the preceding subsection demonstrates some

relationship between the AEW, the meso-b surface low,

LLV, and upper-tropospheric warming, an obvious

question to ask is how do these features interact? The

following will answer this question in addition to deter-

mining what role, if any, the warming seen in Figs. 9e–h

has on MSLP falls at both meso-a and meso-b scales. In

this regard, we note the observational study of Hoxit

et al. (1976) showing that upper-level warming (in the

100–500-hPa layer) associated with deep convection in

midlatitude MCSs could produce surface pressure falls
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FIG. 9. (a)–(d) The simulated 600-hPa cyclonic relative vorticity (shaded, 1025 s21),

comoving streamlines, and MSLP (contoured at interval of 1 hPa). The ‘‘L’’ represents

the center of a developingmesolowwhile the intersection of the 600-hPa trough axis and

critical latitude is marked with the ‘‘X.’’ The dotted line designates the west–east cross

sections shown in (e)–(h). (a)–(c) span the same longitudes listed below (d). (e)–(h)

Longitude–height cross sections of cyclonic relative vorticity (shaded, 1025 s21) and

temperature deviations (contoured at interval of 0.58C) that are calculated by sub-

tracting the mean temperature at each level of the cross section. ‘‘A’’ represents the

location of the peak cyclonic vorticity associated with the AEW while ‘‘W’’ marks the

location of the upper-level warming. The cross section length in (e)–(h) is approximately

400 km starting at 21.58 and ending at 17.58W, with the exception of (h), which extends

from 23.58 to 19.58W. The cross sections are created using a three-slice average. Data

from the WRF 9-km-resolution domain were used to create all panels.
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of 2–4 hPa h21. They attributed meso-b-scale surface

lows to the hydrostatic warming aloft. Similarly, Zhang

and Zhu (2012) have shown the importance of the upper-

tropospheric warming in TCG, demonstrating that the

warming prior to TCG accounts for the majority of the

MSLP falls. They hypothesize that the upper-tropospheric

warming is produced by widespread deep convection

that detrains just below the tropopause and then by out-

ward advection through divergent flows. The following

will only focus on the 3 h between 0300 and 0600 UTC

12 September when the MSLP falls are the greatest at

approximately 0.67 hPa h21 (Figs. 9a–d) and the devel-

opment of the LLV occurs.

Figures 10a–h show that the MSLP falls are consis-

tently collocated with the warmer air at 200 hPa along

the AEW’s critical latitude at 925 hPa during the 3-h

period. Additionally, these MSLP falls are associated

with the region of active convection shown in Fig. 8. We

use the 1006-hPa isobar and the 252.58C isotherm to

help explain this relationship. As the 252.58C isotherm

expands outward over the period into a meso-a-scale

feature, so does the 1006-hPa isobar, which nearly takes

the same shape and size as the warm regions at 200 hPa.

Within the meso-a-scale MSLP falls, smaller meso-b and

meso-g PMIN centers reside beneath the warmest tem-

peratures at 200 hPa, with examples marked by ‘‘L’’ in

Figs. 10a–d. An exceptional occurrence of such a feature

occurs at 0400 UTC 12 September when a 1004-hPa

MSLP closed contour develops directly beneath 200-hPa

temperatures in excess of 2498C (Fig. 10b). The con-

current development of the 200-hPa warming and the

meso-aMSLP falls supports the notion that the warming

may be hydrostatically responsible for the intensity and

size of the MSLP disturbance. These features can be

linked to the development, intensification, and aggrega-

tion of convection along the AEW low-level critical lat-

itude, as explained next via Figs. 10e–h.

It is seen in the composite radar reflectivity that the

development of deep convection occurs in the same

regions as the warming at 200 hPa as well as along the

AEW’s low-level critical latitude (Figs. 10e–h). Since

deep convection (either as individual convective cells or

a mesoscale convective vortex) tends to move with the

AEW when it resides on the AEW low-level critical

latitude (Dunkerton et al. 2009), it is able to persistently

detrain in the upper troposphere, allowing for the

warming to intensify and advect radially outward as

a storm-scale outflow develops. The streamline analyses

in Figs. 10a–d support the outward expansion of the

warming in time, with a storm-scale outflow developing

by 0600 UTC 12 September. Initially, this outflow is less

coherent (e.g., 0300 UTC 12 September), resulting in

similar patterns of upper-level warming and surface

pressure falls. Once deep convection becomes organized

along the AEW low-level critical latitude, a storm-scale

outflow develops, expanding the upper-tropospheric

warming and allowing for MSLP falls on the mesoa

scale.

Figures 10e–h show the relationship between the

meso-b-scale surface pressure falls and the development

of low-level cyclonic vorticity. Initially, two noticeable

mesovortices (‘‘V1’’ and ‘‘V2’’) reside within meso-b-

scale MSLP lows and, consequently, in regions where

the PBL convergence is enhanced as evidenced by the

comoving streamline analysis (Fig. 10e). The meso-

vortices intensify via vortex stretching, noted by the

presence of convection and related upward motions

(Figs. 10e–h). A notable characteristic of V2 is its radial

movement along the low-level critical latitude (Figs.

10e–h). This vortex starts off nearly 200 km from the

AEW center at 0300 UTC 12 September but cascades

toward the AEW center along the critical latitude as it

begins tomergewith V1 at 0600UTC 12 September. The

interaction of the two at 0600 UTC 12 September rep-

resents the conglomeration and homogenization of the

925-hPa cyclonic vorticity field with the creation of the

meso-b-scale LLV. Additionally, the enhancement of

the vortices is consistently along the critical latitude of

the 925-hPa AEW circulation near the pouch center

(Figs. 10e–h), validating the connection between themeso

and larger-scale circulations postulated by Dunkerton

et al. (2009). The LLV by 0600 UTC 12 September also

starts to take the shape of the mesob-scale surface low

encompassed by the 1006-hPa isobar (Fig. 10h), hinting

that its amplification is partly explained by the surface

pressure falls induced by the warming aloft.

To further analyze the evolution of the upper-

tropospheric warming, Fig. 11a presents a 100 km 3
100 km area-averaged time series following the storm

center of cyclonic vorticity and relative warming with

respect to the vertical temperature profile at 0600 UTC

11 September.3 We can see two distinct warming periods

from Fig. 11a: (i) a shallow intense warming event in the

layer above 250 hPa during the first 18 h with a peak

intensity near 1.258C at 1500 UTC 11 September and (ii)

a deep-layer warming event in association with the onset

of SI after 0000 UTC 12 September. The first warming

period is in good agreement with the early sporadic

convection within the AEW when the latter moves

across the coastline (Figs. 7a,b) and the system is dom-

inated by the midlevel cyclonic vortex (AEW in Fig.

11a). The localized nature of the deep convection is

3A 100 km 3 100 km average is used to accurately capture the

critical information related to TCG as noted by Wang (2012).
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FIG. 10. (a)–(d) The simulated 200-hPa temperature (shaded, 8C), comoving

streamlines, and MSLP (contoured at interval of 1 hPa) from the 51–54-h

integrations, valid at 0300, 0400, 0500, and 0600 UTC 12 Sep, respectively.

The252.58C isotherm is outlined in thick red to show the expansion of the warmth

while the 1006-hPa isobar is thickened to demonstrate the expansion of the

mesolow. The ‘‘L’’ represents the center of a developing meso-b surface low.

(e)–(h) The simulated composite radar reflectivity (shaded, dBZ), 925-hPa cyclonic

relative vorticity (contoured at interval of 53 1025 s21), comoving streamlines, and

AEW critical latitude (magenta dashed line) for the same times as (a)–(d). V1 and

V2 represent the two main meso-b-scale vortices that become the LLV. The in-

tersection of the 925-hPa AEW trough axis with its respective critical latitude is

marked with the magenta ‘‘X’’. Data from the WRF 3-km-resolution domain were

used to create all panels.

3810 JOURNAL OF THE ATMOSPHER IC SC IENCES VOLUME 70



relatively less efficient at generating larger-scale warm-

ing in the upper-troposphere since a coherent storm-

scale outflow is not present. The second warming period

starts at 0000 UTC 12 September when the onset of SI

takes place. This period is marked by steady warming in

the 375–150-hPa layer (Fig. 11a), in agreement with the

warming shown above the developing meso-b surface

low and LLV in Figs. 10e–h and 9a–d. This warming

increases in both intensity and depth with an amplitude

exceeding 1.58C at and after 0600 UTC 12 September.

Development of the LLV can be seen in the 950–700-hPa

layer after 0300 UTC 12 September coinciding with the

increased upper-level warming and MSLP falls seen in

Figs. 9 and 10.

Quantifying the importance of the upper-level

warming for surface pressure falls, Fig. 11b is plotted

following the procedures similar to those described in

Chen and Zhang (2013), in which (i) the MSLP is ob-

tained by calculating the hydrostatic equation from the

tropopause downward using the total temperature (i.e.,

the sum of the temperature profile at 0600 UTC

11 September and the warming, curve WUW) and (ii)

repeating (i) but excluding the upper-level warming

enclosed by the dashed lines, curve NUW. The control-

simulated time series ofMSLP (curve CTL) is also given

to facilitate the comparison between the two different

calculations. Obviously, the NUW time series struggles

to reproduce the MSLP of the control simulation and

diverges from the other solutions after 0900 UTC

11 September. The differences between NUW and CTL

maximize after 0000 UTC 12 September when the con-

vective activity becomes more coherent and the sub-

sequent warming starts to induce more pronounced

MSLP falls. The difference between the two reaches

a peak of nearly 10 hPa as the NUW time series never

develops a tropical depression. Contrasting its counter-

part, the WUW hydrostatic calculation is nearly able to

fully reproduce the CTL time series. The difference

between the CTL andWUW is never greater than 2.5hPa,

demonstrating the importance of the upper-tropospheric

warming for MSLP falls and the intensification of the

meso-b surface low.

FIG. 11. (a) Time–height cross section of the simulated temperature difference from the 30-h

simulated (valid at 0600 UTC 11 Sep, shaded, 8C) and cyclonic relative vorticity (contoured at

interval of 2 3 1025 s21) that are obtained using a 100 km 3 100 km average surrounding the

storm center. Dashed lines represent the core of the upper-level warming and ‘‘AEW’’ marks

the peak cyclonic vorticity associated with the AEW. (b) Time series of the 100km 3 100 km

area-averaged MSLP (hPa) from the WRF simulation (CTL) and two hydrostatic calculations

(NUW and WUW). The NUW hydrostatic calculation uses the vertical temperature profile

from 0600 UTC 11 Sep between the dashed lines in (a) while WUW utilizes the 0600 UTC 11

Sep profile plus the temperature perturbations between the dashed lines seen in (a). The dotted

lines in both (a) and (b) represent the time SI begins for the simulated storm: 0000UTC 12 Sep.

Data from the WRF 1-km-resolution domain were used to create both panels.
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c. The development of the upper-level warming

After seeing a connection between upper-level

warming, the meso-a-scale MSLP falls, the meso-b-

scale surface low, and the LLV in the preceding sub-

sections, we show below how the upper-level warming

forms. Chen and Zhang (2013) showed that adiabatic

subsidence resulted in the development of an upper-

level warm core during the rapid intensification stage of

HurricaneWilma.While large-scale adiabatic subsidence

warming might be true for a mature TC, how the upper-

tropospheric warming during TCG forms remains un-

answered. Of particular interest herein are the meso-

g-scale features—namely, convective bursts (CBs) and

their influence on the upper-level warming. Traditionally,

CBs are defined as intense mesog convective cells with

updrafts maximized in the upper troposphere. The

method by which a CB is defined is rather arbitrary, with

the updraft velocity threshold being anywhere from 8 to

15ms21, as used in Chen and Zhang (2013). For our in-

vestigation, we will designate a convective cell as a CB

when it is characterized by an updraft in excess of 8m s21

at or above the freezing level (;600hPa).

Focusing on 0000 UTC 12 September (onset of SI,

Figs. 12a,b), the meso-b-scale surface low is character-

ized by embedded meso-g-scale structures beneath up-

ward motions aloft (red shadings). An example of such

a meso-g low and its associated upward vertical motion

is marked by ‘‘U1.’’ Applying our definition of CBs, it is

clear that many of the meso-g structures are CBs, with

FIG. 12. (a),(c) Simulated 275–175-hPa layer-averaged vertical velocity (shaded,m s21) and comoving wind vectors

(m s21) with MSLP (contoured at interval of 1 hPa) overlaid for 0000 and 0600 UTC 12 Sep, respectively. (b),(d)

Simulated 275–175-hPa layer-averaged cloud ice mixing ratio (shaded, g kg21) and temperature (contoured at in-

terval of 0.58C) with 925-hPa comoving streamlines overlaid for the same times as in (a) and (c), respectively.

Dashed lines labeled A–A*, B–B*, C–C*, and D–D* represent the locations of vertical cross sections shown in

Fig. 13. Cross sections A–A* and B–B* are created along the main axis of the MSLP disturbance while C–C* and

D–D* are created along the short axis of the MSLP disturbance. The other letters in (a) and (c) represent the

intersection of the respective cross sections (I1 and I2), the location of a CB and related PMIN (U1), and a location of

compensating subsidence warming (S1). I2 also represents an area of compensating subsidence warming associated

with a PMIN. Data from the WRF 1-km-resolution domain were used to create (a)–(d).
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some cells characterized by upward velocities in excess

of 10m s21 in the 275–175-hPa layer. Surrounding these

CBs, compensating subsidence (blue shadings) occurs in

nearly indistinguishable storm-scale outflow. Directly

collocated with the CBs are large cloud ice mixing ratios

and warm temperatures within the 275–175-hPa layer

(Fig. 12b). This collocation suggests that these warm

temperatures are associated with the latent heat of

freezing and deposition as cloud water freezes after

being transported upward across the 08C level and more

water vapor is deposited on cloud ice particles aloft.4

However, these heating elements are localized to the

outflow generated by individual CBs, which are spo-

radically located within the meso-b surface low.

Vertical cross sections through the surface mesolow

show that CBs transport cloud water above the freezing

level with heating in their cores (Figs. 13a,b). At the

intersection of the two cross sections (‘‘I1’’), a CB ex-

tending from the 08C level (thick black line) to 100 hPa

with upward velocities in excess of 10m s21 is trans-

porting large ice content to the upper troposphere. This

characteristic is also found in the core region of CB U1,

but with cloud ice mixing ratios much larger in the 275–

150-hPa layer. The presence of such high cloud ice

content near the tropopause suggests that the heating in

this layer is more a result of the depositional growth of

ice rather than freezing, which is more efficient at

heating the environment [i.e., 2839 J g21 for the former

versus 333 J g21 for the latter, Rogers and Yau (1989)].

This heating tends to accelerate updrafts and reduce the

static stability of the upper troposphere (which also re-

duces the Rossby radius of deformation). While heating

due to freezing is certainly taking place, this heating will

be confined closer to the 08C level and have a smaller

FIG. 13. (a)–(d) Vertical cross sections of simulated vertical velocity (shaded, m s21), potential temperature (black

contours at interval of 4K), cloud ice mixing ratio (dashed contours at 0.001, 0.002, 0.004, 0.008, 0.01, 0.02, 0.03, 0.04,

0.05, 0.06, and 0.07 g kg21) and freezing level (thick black line) for 0000 [(a) A–A* and (b) C–C*] and 0600 [(c) B–B*

and (d)D–D*]UTC 12 Sepwith the cross-section locations given in Fig. 12 for their respective times. The letters have

the samemeaning as in Fig. 12, representing the approximate locations of the respective feature. Data from theWRF

1-km-resolution domain were used to create the vertical cross sections.

4Note that herein we distinguish that diabatic heating, which

tends to accelerate updrafts, from the warming caused by com-

pensating subsidence since the former is often more transient than

the latter.
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impact (but still important) on the thermodynamic

changes in the upper troposphere.

Figure 12c shows the deepening and expansion of

the meso-aMSLP falls andmeso-b surface low within a

much more broad area of alternating upward and down-

ward motions in the upper troposphere at 0600 UTC 12

September. Embedded within the meso-b-scale surface

low are meso-g-scale PMIN associated with both convec-

tive bursts as well as compensating subsidence warming.

An example of surface pressure falls induced by sub-

sidence warming is marked by ‘‘S1’’ in Fig. 12c while an

example of a closed low induced by subsidence warming

occurs at the intersection of the two cross sections (‘‘I2’’).

The aggregation of individual convective cells into a me-

soscale convective system along the low-level critical

latitude (Figs. 10e–h) has generated a meso-a-scale out-

flow (cf. Figs. 10d and 12c), which expands the cloud ice

particles over a meso-a-scale area (Fig. 12d). This allows

for deposition and freezing to occur over a larger area,

expanding the upper-level warming into the feature seen

in Figs. 10d and 12d. The storm-scale outflow is com-

pensated by the development of a closed circulation at

925hPa with pronounced convergence taking place into

the center of the circulation (Fig. 12d). Comparing Figs.

12c and 12d, one can easily see the similar spatial patterns

between the warming in the 275–175-hPa layer and the

developing meso-b surface low. Given the prior evidence

(Figs. 9–12), it is not a stretch to believe that the warming

aloft is responsible for the meso-b-scale low and meso-a-

scale surface pressure falls during the early hours of the

simulated SI.

Figures 13c and 13d show the same fields as those in

the left column except for at 0600 UTC 12 September.

High cloud ice mixing ratios continue to be prevalent

with a notable warming of the 275–150-hPa layer. This

warming is exemplified by changes to the vertical lo-

cation of the 352-K isentropic contour, which initially

resides approximately near 150 hPa at 0000 UTC 12

September, but dips to near 200 hPa as the static sta-

bility of the upper troposphere reduces at 0600 UTC

12 September (Figs. 13c,d). While individual CBs

are still evident at 0600 UTC 12 September, the not-

able change from 0000 UTC 12 September is near the

center of the storm (‘‘I2’’) with compensating subsidence

in excess of 2m s21 inducing warming (Figs. 13c,d). A

second region of compensating subsidence warming is

seen on the flank of the meso-b surface low, as marked

by ‘‘S1’’ in Fig. 13c. This characteristic hints at the in-

creasing role of subsidence warming associated with an

organized MCS.

It is evident that themajority of the upper-tropospheric

warming is resultant from latent heating due to deposi-

tion and freezing during the early stages of simulated SI.

While we attribute the upper-tropospheric warming to

a combination of diabatic heating and compensating

subsidence warming, with the prior more important than

the latter, the obvious rebuttal to this notion is the

transient nature of the heating. Certainly, latent heating

is a transient feature that is realized through convection,

its positive buoyancy, and the initial gravity wave re-

sponse to disperse the heating. However, it is quite

evident that regardless of an ‘‘adjustment period’’ by

which gravity waves try to disperse the heating initially,

the warming survives any adjustment period that re-

sults in the system-scale signature as shown in Figs. 10

and 11. Elaborating on this further, Figs. 14a–c show

the 600-hPa comoving streamlines (black), 275–175-hPa

layer-averaged comoving streamlines (gray), and the

Rossby radius of deformation (circle). In addition, a

time series of the Rossby radius of deformation, LR 5
NH/h, where N is the Brunt V€ais€al€a frequency, H is the

scale height, and h is the absolute vorticity with the

calculation for LR, is given in Fig. 14d, showing a

decrease in LR takes place just prior to and after

0600 UTC 12 September. This reduction is consistent

with the intensification of low-level cyclonic vorticity

(Fig. 11a, Frank 1987) and the reduction of static sta-

bility in the upper troposphere (Fig. 13).

For the entire 9-h period in Figs. 14a–c, the 600-hPa

comoving circulation is on the order of or greater than

the circumference created by LR. More importantly, the

storm-scale outflow in the upper-troposphere extends

beyond LR, allowing for the accumulation of the

warming seen in Figs. 10–13 as the velocity field adjusts

to the mass perturbations. It is evident that near the

LR the outflow shows geostrophic adjustment, with a

bend of the streamlines to the right. At 0000 UTC 12

September, when the system-scale outflow is less prev-

alent andLR is at its largest of the three times compared,

the warming struggles to become a system-scale signa-

ture (Figs. 12a,b). This quickly changes as a mesoscale

convective system becomes well organized (Figs. 10e–h)

and a system-scale outflow begins to extend to near LR

in the hours prior to the simulated TD Julia (Fig. 14b).

While the storm-scale inertial stability is low (as evi-

denced in the streamline analyses in Figs. 10a–d and

14a–c), the reduction of LR enables the accumulation

of the upper-level warming in the core region. It is

important for a storm-scale outflow to be present to

expand the warming outward over a mesoa-scale area

since larger-scale warming is able to induce meaning-

ful, similar sized surface pressure falls. This, however,

must be complemented by a reduction of LR (or an LR

already smaller than the system-scale outflow) to en-

sure the warming is not dispersed away from the storm

center.
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5. Summary and conclusions

In this study, we have examined the genesis of

Hurricane Julia (2010) within an African easterly wave

having an initially vertically tilted closed circulation.

This AEW could be traced back to 96 h prior to genesis

as a well-defined midlevel circulation. The genesis of

Julia occurred shortly after the AEW moved offshore

and was characterized by significant deepening (within

9 h) in MSLP and the rapid growth of a low-level vortex.

The generation of the LLV can be tied to the concurrent

development of deep convection and its generated

vortices, upper-tropospheric warming, a meso-b-scale

surface low, and meso-a-scale MSLP falls. These fea-

tures are protected by the AEW through ideas similar

to the marsupial pouch paradigm and its low-level

critical latitude.

Our model results validate the previous hypotheses

that the low-level critical latitude is a preferred location

for the initiation and organization of deep convection

(including convective bursts) and the development of

meso-b-scale surface lows and vortices. It is shown that

convective cells and CBs reside along the AEW critical

latitude during onset of the simulated significant in-

tensification. They rapidly transport water vapor and

cloud hydrometeors above the 08C level, heating the

upper troposphere via the latent heat of freezing and

deposition. The localized diabatic heating associated

with individual convective cells appears to account for

the formation of numerous meso-b- and meso-g-scale

vortices and surface lows. As the convective cells and

mesovortices aggregate, a meso-b-scale surface low and

a low-level vortex become the dominant mesoscale

features within the AEW. The LLV forms through

vortex stretching as a result of the presence of deep

convection, enhanced PBL convergence associated with

the meso-b surface low, and the conglomeration of

mesovortices along the low-level AEW critical latitude.

FIG. 14. (a)–(c) Simulated 600-hPa comoving streamlines (black) and layer-averaged 275–175-hPa comoving streamlines (gray) with the

Rossby radius of deformation (black circle) and storm center (‘‘X’’) overlaid for 0000, 0600, and 0900 UTC 12 Sep, respectively. (d) Time

series of the Rossby radius of deformation (LR 5NH/h) from 0000 to 1800 UTC 12 Sep calculated using 100 km3 100 km area-averaged

data from the 3-km-resolution WRF simulation. (h is calculated using the layer-averaged absolute vorticity between 1000 and 400hPa,

capturing nearly all the vorticity growth of the developing disturbance as shown in Fig. 11.N is calculated usingN5
ffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffi
(g/u)du/dz

p
, where u

is the area-averaged 1000-hPa potential temperature, du/dz is given by the differential of 150- and 1000-hPa potential temperatures and

height surfaces, and g is the gravitational constant.H is calculated usingH5RT/g, where T is the average temperature between 1000 and

150hPa, R is the gas constant for dry air, and g is the gravitational constant.) Data from the WRF 9-km-resolution domain were used to

create (a)–(c).
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As deep convection intensifies and aggregates into

a mesoscale convective system along the AEW critical

latitude, a storm-scale outflow develops aloft, resulting

in a meso-a-scale area of high cloud ice content and

upper-level warming. The outward expansion of the

warmth during the early stages of SI is made possible by

latent heating due to deposition and freezing being ex-

panded by the storm-scale outflow beyond the LR.

Furthermore, LR decreases with time as a result of re-

duced static stability in the upper troposphere and in-

creased cyclonic vorticity in the lower troposphere.With

the widespread upper-tropospheric warming, meso-a-

scale MSLP falls are hydrostatically induced, creating

a low-level cyclonic disturbance needed for stage 1 of

tropical cyclogenesis development described in the in-

troduction. It is evident that the meso-a-scale MSLP

falls are closely tied to the thermodynamic changes and

divergent outflows in the upper troposphere that, in

turn, are inherently tied to the development of deep

convection along the low-level critical latitude of the

AEW. Clearly, the meso-a-scale MSLP falls tend to

enhance the PBL convergence for the bottom-up growth

of TC-scale rotation.

To summarize, the key elements to this sequence of

events are (i) the initiation, intensification, and aggre-

gation of deep convection and its generated vortices

along the AEW low-level critical latitude and (ii) the

development of the upper- or high-level warmth, a

storm-scale outflow beyond the Rossby radius of de-

formation, andmeso-a-scaleMSLP falls. Without either

of these, the genesis of the simulated Julia may not

occur.

Further work needs to explore this sequence of events

for other cases. In particular, the importance of con-

vective development along the critical latitude and its

relationship to the upper-level warming needs to be

further explored. We postulate that the warming can

only exist when a persistent storm-scale outflow de-

velops with convective development along the AEW

low-level critical latitude. That being said, we have al-

ready conducted ensemble simulations on the TCG of

Hurricane Julia using 20 members at the finest resolu-

tion of 1 km. The results from those members will cer-

tainly lend insight into the plausibility of the idealized

implications of upper-level warming in relation to deep

convection, the LLV and the theories presented in the

marsupial pouch paradigm.
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